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[1] A three-dimensional (3-D) seismic refraction survey was acquired over the Mariana
volcanic arc at 14.5–18.5�N and 145–147�E. First-arrival traveltimes from this survey
and from a separate 2-D survey acquired approximately perpendicular to the arc have been
simultaneously inverted for a 3-D P wave velocity model using seismic tomography
subject to smoothness constraints. The active arc, which initiated only 3–4 Ma ago, has an
average crustal thickness of 18 km. Approximately 40 km to the east the inactive remnant
of the rifted Eocene arc has an average crustal thickness of 21 km, due primarily to a
thicker lower-crustal layer with velocities of 6.5–7.0 km s�1. Crustal production clearly
varies both temporally and spatially, with some crustal layers, including the igneous fore-
arc crust, varying in thickness by a factor of up to 2 along strike. Average P wave
velocities within the upper crust of the modern arc are 240–360 m s�1 lower than in the
Eocene arc but are 280 m s�1 higher within the lower crust. Middle crust with velocities of
6.0–6.5 km s�1 is best developed beneath the Eocene arc. These results suggest an
evolution of arc structure with increasing age: We infer closure of fractures and porosity in
the upper crust through hydrothermal circulation and a reduction in the mafic character of
the middle to lower crust as a result of intracrustal differentiation. Although tonalitic rocks
may predominate in the transition from upper to middle crust, the bulk of the crust is
essentially basaltic.
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1. Introduction

[2] The accretion of magmatic arcs is considered to be a
primary mechanism by which the continents have grown
over most of Earth’s history [Hamilton, 1981; Card, 1990],
although tectonic processes such as accretionary wedge
development, obduction of oceanic crust, and basaltic
underplating also contribute. Seismic velocity measure-
ments [Christensen and Mooney, 1995] and geochemical
constraints [Taylor and McLennan, 1995] suggest that the
continental crust is largely intermediate in composition, but
geological and seismic observations from intraoceanic sub-
duction zones indicate that island arc crust is commonly
basaltic [Arculus, 1981; Grow, 1973; Holbrook et al., 1999].
If mafic island arcs have been common through much of
Earth’s history, then it is necessary to invoke processes such
as magmatic reworking and lower-crustal delamination
during growth [Behn et al., 2007], accretion, or shortly
thereafter to explain the present-day composition of the
continents [e.g., Kay and Kay, 1993]. Tonalitic rocks,

however, have been exhumed in the Izu collision zone of
Japan [Nitsuma, 1989; Kawate and Arima, 1998], and a
midcrustal layer of intermediate composition has been
inferred in the Izu-Bonin and Tonga arcs from seismic
refraction surveys [Suyehiro et al., 1996; Takahashi et al.,
1998; Crawford et al., 2003; Kodaira et al., 2007]. If rocks
of intermediate composition comprise a large volume of
oceanic island arcs, then the present-day composition of the
continental crust may be compatible with the direct accre-
tion of island arcs to continental margins, during which
most of the incoming crust is preserved [Taira et al., 1998].
[3] Wide-angle seismic surveys provide an effective way

of inferring bulk crustal composition from the well-known
variations of seismic velocity with mineralogy, pressure,
and temperature. Although convergent continental margins
have been intensively studied over the last 40 years, the
number of seismic surveys of oceanic volcanic arcs is quite
small [Leat and Larter, 2003]. (Some island arcs such as
Japan were originally constructed on rifted continental
fragments [Murauchi, 1972], and so they cannot be consid-
ered representative of the processes occurring at a true
intraoceanic subduction zone.) In a two-dimensional (2-D)
seismic refraction line across the Izu arc, Suyehiro et al.
[1996] inferred that the arc crust was approximately 21 km
thick and comprised a 6-km-thick upper crustal layer, a
6-km-thick layer with P wave velocities between 6.1 km s�1

and 6.2 km s�1, that is, a layer of intermediate composition,
and a 10-km-thick mafic lower-crustal layer with seismic
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velocities from 6.8 km s�1 to 7.3 km s�1. A subsequent
survey along the Izu arc showed that the thickness of the
middle-crustal layer varied between 4 km and 16 km
[Kodaira et al., 2007]. A 3-D analysis of a swath 2-D
survey along the oceanic part of the Aleutian volcanic arc
revealed a 30–37-km-thick crust, no significant thickness of
intermediate composition, and P wave velocities above
6.5 km s�1 throughout most of the igneous crust [Holbrook
et al., 1999; Fliedner and Klemperer, 1999, 2000;
Lizarralde et al., 2002; Shillington et al., 2004]. Most
recently, a 2-D wide-angle survey across theMariana oceanic
arc indicates that the crust here is 20 km thick with a 3–6-km-
thick layer of intermediate composition possessing velocities
of 6.0–6.5 km s�1 and a 6–8-km-thick basaltic lower crust
with velocities of 6.6–7.4 km s�1 [Takahashi et al., 2007].

These different results suggest that there are significant
variations in the composition and evolution of ocean island
arcs. Since such subsurface variability may well exist along
an arc as well as perpendicular to the arc, estimates of the
seismic velocity structure are desirable within as large a
subsurface volume as possible. Three-dimensional wide-
angle seismic surveys, which employ a large grid of shot
and receiver lines, are able to image more of the subsurface
than is possible with 2-D surveys and are better able to
characterize the variation in seismic velocity within complex
regions such as volcanic arcs.
[4] The Izu-Bonin (Ogasawara)-Mariana (IBM) volcanic

arc in the northwest Pacific Ocean is a classic example of an
ocean island arc system where subduction zone magmatism
can be studied with minimal contamination from preexisting
continental crust. Between February and April 2002, a set of
regional 2-D multichannel seismic reflection lines and a 3-D
wide-angle seismic survey were acquired over the Mariana
arc in the area 14.5–18.5�N and 145–147�E. Here we
present the results of a first-arrival tomographic inversion
of the 3-D wide-angle survey combined with that part of the
2-D survey of Takahashi et al. [2007] that lay within
approximately 100 km of the arc.

2. Tectonic Setting

[5] The IBM subduction zone, along which Late Creta-
ceous to Early Jurassic ocean crust of the Pacific plate
descends beneath the Philippine Sea plate, extends 2800
km from Guam in the south to Japan in the north, where
the northern end of the volcanic arc is colliding with the
main Japanese island of Honshu [Stern et al., 2003]
(Figure 1). The convergence between these two plates
varies between 2.4 cm a�1 to the WNW at 12�N and
6.1 cm a�1 to the NW at 34�N [Seno et al., 1993]. A well-
developed back-arc spreading center exists west of the
Mariana segment of the subduction zone and estimates of
the full spreading rate vary between 3.0 cm a�1 and 4.3 cm
a�1 [Bibee et al., 1980; Hussong and Uyeda, 1981],
implying that the convergence rate across the Mariana
Trench is approximately 6–7 cm a�1. The strongly arcuate
geometry of the Mariana segment of the subduction zone,
which has arisen as a result of back-arc spreading, implies
oblique convergence along most of the trench with or-
thogonal convergence occurring only in the southern part
of the Mariana arc system. The dip of the subducting
Pacific plate increases rapidly, and the plate is probably
vertical at depths between 200 km and 600 km. Beneath
the Mariana arc the subducting slab appears to penetrate
through the 670 km discontinuity and descend into the
lower mantle, but farther north under the Izu-Bonin arc the
slab flattens immediately above the 670 km discontinuity
[van der Hilst et al., 1991].
[6] The IBM subduction zone was initiated in the early

Eocene (�45 Ma) [Taylor, 1992; Stern and Bloomer, 1992],
perhaps by the transformation to a trench of a fracture zone
or weak line in the Pacific plate as a result of a change in the
plate tectonic regime [Uyeda and Kanamori, 1979]. Early
arc magmatism was characterized by boninitic magmas and
very rapid crustal production rates until establishment of the
modern-style island arc by the late Eocene (�35 Ma) [Stern
and Bloomer, 1992]. Rifting of this early arc and back-arc

Figure 1. Map of NW Pacific Ocean showing the Izu-
Bonin (Ogasawara)-Mariana subduction zone and asso-
ciated back-arc basins. White lines indicate seismic profiles
(a) across the northern Izu-Bonin arc [Suyehiro et al., 1996],
(b) along the northern Izu-Bonin arc [Kodaira et al., 2007],
and (c) across the Mariana arc-back-arc system [Takahashi
et al., 2007]. The relative motions between the Philippine
Sea plate and the Pacific plate at the trench are marked
[Seno et al., 1993]. The three-dimensional (3-D) wide-angle
seismic survey (Figure 2) is located within the black
rectangle. T designates the exhumed Tanzawa plutonic
complex in the collision zone between the Izu and Honshu
arcs.
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spreading along most of the IBM system from 30 Ma to
15 Ma created the Shikoku basin in the north and the Parece
Vela basin in the south, which separated the remnant Palau-
Kyushu Ridge in the west from the still active IBM arc in
the east [Hussong and Uyeda, 1981; Kobayashi et al., 1995;
Okino et al., 1999] (Figure 1). The Mariana segment of the
arc was subject to another rifting episode at �8 Ma, with
seafloor spreading commencing at 3–4 Ma [Bibee et al.,

1980; Crawford et al., 1981]. Back-arc spreading in the
Mariana Trough continues at the present day [Fryer, 1995],
and is separating the West Mariana Ridge from the presently
active Mariana arc that formed 3–4 Ma ago �40 km west of
the remnant Eocene arc [Stern et al., 2003]. Along the
Mariana segment, volcanic islands are found only in the
central region, with submarine volcanoes to the north and
south.
[7] The distance of the Mariana arc from continental

areas has restricted the sedimentary input to the subduction
zone to pelagic and volcaniclastic sediments. No significant
accretionary wedge has developed because most of the
incoming sediment is subducted and the fore arc is also
subject to erosion [Clift and Vannucchi, 2004]. With rela-
tively thin sedimentary cover the igneous fore-arc basement
has been sampled by submarine dredging and drilling;
boninites, arc tholeiites, and some peridotites have been
recovered [Hickey and Frey, 1982; Bloomer and Hawkins,
1987; Pearce et al., 1992] and are interpreted to be
associated with the initial evolution of the subduction zone
during the Eocene. There is also evidence for pre-Eocene
rocks, including Pacific mid-ocean ridge basalt (MORB)
crust [De Bari et al., 1999] and accreted Cretaceous
seamounts [Johnson et al., 1991], within the outer fore-
arc crust. The fore-arc region extends from the magmatic
front to the trench. The innermost part of the present
Mariana fore arc comprises the eastern remnants from the
successive rifting episodes that gave rise to the Palau-
Kyushu and West Mariana ridges and, as such, dates back
to the Eocene. This inactive ‘‘frontal arc,’’ of which the
islands of Guam, Saipan, and Tinian are part, includes
tholeiite and boninite basement rocks similar to those of
the submerged outer fore arc [Reagan and Meijer, 1984;
Hickey-Vargas and Reagan, 1987] and additional rhyoda-
cite rocks [Meijer, 1983]. The present-day magmatic cen-
ters, which cannot be older than 3–4 Ma [Stern et al.,
2003], lie 30–50 km west of the Eocene frontal arc.

3. Three-Dimensional Wide-Angle Seismic
Survey

[8] The primary objective of the wide-angle seismic
survey was to determine the variation in P wave velocity
within a crustal volume that extends approximately 200 km
along the Mariana arc and includes the present-day mag-
matic centers, the Eocene frontal arc, and the fore arc where
no, or only very limited, past arc magmatism has occurred
(Figure 1).

3.1. Data Acquisition

[9] The 3-D survey comprised three approximately
north–south oriented lines of receivers deployed along the
strike of the three main geological objectives: modern arc,
frontal arc, and fore arc (Figure 2). A total of 53 ocean
bottom seismometers (OBS) were laid along these three
lines by the R/V Ewing; each instrument package included a
single vertical seismometer with 2 Hz natural frequency and
an external hydrophone. Fifty-two of 53 OBSs yielded
useful data. The receiver spacing was 10 km, 15 km, and
20 km along the modern arc, the frontal arc, and the fore
arc, respectively. These OBS instruments were augmented
by six three-component Reftek recorders with 4.5 Hz

Figure 2. Location of the grid of airgun shot lines, 52
ocean bottom seismometers (OBS) receivers, 2 land
seismometers, and the separately recorded, Japan Agency
for Marine-Earth Science and Technology (JAMSTEC) 2-D
OBS/airgun profile, superimposed on the bathymetry of
Mariana volcanic arc at approximately 14�300N to 18�300N
and 145�E to 147�E. Numbers of the main airgun shot lines
are marked. Circular regions of shallow (<1500 m)
bathymetry along line 10 correspond to the isolated volcanic
centers of the modern arc. The Eocene frontal arc is the
more continuous region of shallow bathymetry along line
20/21, although the seafloor depth is greater to the north.
The bathymetry is a combined data set, subsampled onto a
0.5 km grid, that includes estimates from side-scan sonar
and satellite altimetry and was used as a fixed seafloor
interface in the tomographic inversion. The location of the
primary survey grid shown in Figures 6, 7, 8, 9, and 11 is
indicated by the dashed shaded box. The dashed black line
indicates the location of vertical section shown in
Figure 12b where it is offset from line 20/21.
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natural frequency (provided by the Program for Array
Seismic Studies of the Lithosphere) that were deployed on
the volcanic islands, but only two instruments from Tinian
and Saipan yielded useful data. After deploying the OBS
instruments, the R/V Ewing shot four north–south lines and
seven east–west lines plus six short-transit lines using a 20-
gun airgun array with a total volume of 177 L
(10,810 in3) fired every 200–250 m for a total of approx-
imately 12,560 shots. All airgun lines were also recorded by
a 6 km hydrophone streamer to provide low-fold reflection
data to delineate the upper crust along the wide-angle
profiles [e.g., Günther et al., 2006]. Since each receiver
recorded every shot line, seismic arrivals are available from
a wide range of azimuths and offsets. The 11 primary airgun
lines generated a total of 594 receiver gathers, of which only
69, or 12%, represent inline recording. Thus the bulk of the
data recorded in the 3-D survey are fan profiles. The survey
layout provided almost continuous ray coverage within the
primary survey grid (defined in Figure 2 by 70 km
(line 40) < x < 170 km (line 30) and 170 km (line 35) < y <
420 km (line 24/25) at depths of 10–20 km. At shallower
depths, subsurface coverage becomes restricted to the vicinity
of the shot and receiver lines. At depths greater than 20 km the
subsurface coverage, which in practice is additionally
affected by the ability to identify seismic arrivals at long
offsets, decreases with increasing depth and is confined to the
central part of the primary survey grid.

3.2. Data Quality and First-Arrival Picking

[10] In general, the recorded seismic data are of good
quality after band-pass filtering 5–20 Hz. The seismic
wavefield is well defined at source-receiver offsets up to
approximately 80–100 km (Figure 3 and Auxiliary
Material1), and first arrivals are intermittently observed at
offsets greater than 120 km. In many cases the rugged
topography along the shot lines defocuses the seismic
energy, creating shadow zones or weaker arrivals that result
in a discontinuous identification of first arrivals at far
offsets. First-arrival traveltimes were readily determined at
small offsets, but there was greater uncertainty in the
identification of the first-arriving phase at distant offsets,
making a cycle skip possible. To allow for these uncertain-
ties, offset-dependent picking errors were assigned to the
entire data set of traveltime picks. These picking errors were
linearly interpolated between the following source-receiver
offsets: 0.05 s at 0 km, 0.05 s at 20 km, 0.1 s at 50 km,
0.15 s at 100 km, and 0.3 s at 200 km. Approximately
248,000 picks, that is, 37% of the total recovered source-
receiver pairs, were made from the 3-D seismic survey.
Static shifts calculated using a velocity of 3.0 km s�1 were
applied to the traveltime picks from the land-based Reftek
stations to correct their elevation to mean sea level.

3.3. JAMSTEC 2-D Survey

[11] In 2003 the Japan Agency for Marine-Earth Science
and Technology (JAMSTEC) recorded a 2-D wide-angle
seismic survey along an approximately east–west oriented
(azimuth 099�), 700-km-long profile that extended from
west of the West Mariana Ridge to the eastern Mariana fore

arc near 17�N [Takahashi et al., 2003]. OBSs, which
included a three-component seismometer and a hydrophone,
were laid in two deployments by the R/V Kaiyo every 5 km
over the ridges and every 10 km in the basins. Shots were
fired every 200 m into the OBS using a six-gun, 194 L
(12,000 in3) airgun array. The P wave velocity model along
the entire 700 km profile is presented by Takahashi et al.
[2007]. We have used in our 3-D traveltime tomography
approximately 30,000 first-arrival traveltime picks from this
2-D survey where both OBS and shot lie within the area
used to generate our 3-D velocity model (Figure 2).

4. Traveltime Inversion Methodology

[12] The nonlinear tomography problem of inverting
recorded traveltimes for a 3-D subsurface velocity model
can be linearized and solved iteratively. The iterative
procedure requires the tracing of rays from source to
receiver, which can be both time-consuming and subject
to errors arising from shadow zones and multipaths. To
avoid these problems, we used a tomographic inversion
algorithm, first-arrival seismic tomography (FAST), based
on a finite difference solution to the eikonal equation, which
provides first-arrival traveltimes to all points of a 3-D
subsurface velocity grid [Zelt and Barton, 1998]. Although
this method provides the first arrival, this calculated phase
can sometimes have very low amplitude, especially in areas
of large velocity variation, and may not always correspond
to the traveltime pick. As mentioned in section 3.2, larger
magnitudes were assigned to the picking errors to allow for
this issue. Raypaths from each receiver back to the source
are generated by following the steepest descent direction
through the computed 3-D traveltime field; this approach
produces first-arrival raypaths irrespective of wave type. At
each iteration a perturbation to the velocity model is
obtained from the difference between the calculated and
observed first-arrival times. The traveltime calculation
requires a velocity model defined on a set of nodes, that
is, points regularly spaced in all three dimensions; however,
the inversion step uses cubic cells from which the deriva-
tives of traveltime with respect to the slowness of each
model cell can be calculated. Use of closely spaced forward
modeling nodes improves the accuracy of the traveltime
calculation, while larger inversion cells help to reduce the
large memory and computer time requirements for this latter
step.

4.1. Initial Model

[13] An initial velocity model is required for the iterative
inversion, and a simple 1-D velocity function below later-
ally varying seafloor and basement interfaces was used. The
dimensions of the velocity model are 220 km east–west,
480 km north–south (Figure 2), and 40 km vertically. For
the forward traveltime calculation the model node spacing
was 500 m, but a cell size of 1000 m was used in the
inversion step. The depth to the seafloor interface varies
dramatically across the survey area and, with its high
seismic velocity contrast, generates highly variable time
delays along the different raypaths (Figure 3). The seafloor
interface gridded at a 500 m interval was obtained by
subsampling by a factor of approximately 2 a bathymetric
data set in which side-scan sonar and satellite-derived

1Auxiliary materials are available in the HTML. doi:10.1029/
2007JB004939.
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bathymetry were combined (Figure 2), and this 500 m grid
spacing governs the accuracy of the traveltime calculation.
Both the seafloor interface and the velocity in the overlying
water layer, 1.5 km s�1, were fixed in the tomographic
inversion.
[14] The thickness and seismic velocity of the sediment

layer in the initial model were defined using the seafloor
depth and constrained by estimates of the depth to the
igneous basement estimated from the multichannel reflec-
tion profiles. The thickness of the sediment layer increases

linearly from zero at a water depth of 1000 m to a maximum
value of 1250 m at a water depth of 2500 m, and the seismic
velocity in this layer increases from 1.5 km s�1 at the
seafloor at a gradient of 1.0 s�1. This simple model
represents well both the onlap of the sediment layer against
the volcanic edifices and its thickness in the deep ocean
basin, with the exception of the extreme west of the velocity
model where the sediment layer is quite thin across the
relatively young, rugged basement topography near the
back-arc spreading center. The sediment layer was therefore

Figure 3. Examples of seismic record sections recorded in the 3-D survey. The first-arrival picks are
shown in red and are superimposed on the first-arrival times (which are shown in blue) calculated through
the final velocity model. Where no red arrivals are visible, no first-arrival picks were made. Extreme
variations in first-arrival time on line 10 are due to corresponding bathymetric variation along the modern
arc (Figure 2). An automatic gain control with a 1.0 s window has been applied to the data, which are
reduced at 8 km s�1. (a) North–south inline along the modern arc: line 10 recorded by OBS 32.
(b) North–south inline along the frontal arc: line 20/21 recorded by OBS 17. (c) North–south inline over
the inner fore arc: line 30 recorded by OBS 24. (d) East–west fan profile: line 55 recorded by OBS 38.
(e) East–west fan profile: line 65 recorded by OBS 38. (f) East–west fan profile: line 75 recorded by
OBS 38. OBS 38 is located on the modern arc.
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set to zero in the westernmost 30 km of our initial model
along the JAMSTEC 2-D line.
[15] In the initial model the velocity in the igneous crust

was fixed at 3.0 km s�1 above 1.0 km but increased as an
inverse exponential with increasing depth, asymptotically
approaching a limiting velocity, VM, of 8.0 km s�1 (Figure 4):

Vp zð Þ ¼ VM � VM � 3ð Þ exp �0:13 z� 1ð Þ½ �:

[16] A variety of different initial models were tested for
the iterative tomographic inversion, including representa-
tions of the igneous crust by one- and two-layer linear
velocity functions; however, discontinuities in the values of
the P wave velocity or its derivatives created artifacts in the
final model, for example, a vertical velocity change at the
depth of the initial Moho. Therefore a continuously differ-
entiable function was chosen to represent the velocity
variation in the igneous crust below a depth of 1000 m.

The shallowest velocity of 3.0 km s�1 in the igneous crust
was constrained by the need to fit the near-offset traveltimes
along the modern and frontal arcs, and 8.0 km s�1 was
chosen as a representative starting estimate for the P wave
velocity in the upper mantle. Different values of the
coefficient in the exponent were tested, and the selected
value gave the lowest root-mean-square (RMS) difference
between the calculated traveltimes and the first-arrival picks
in a simple grid search.

4.2. Nonlinear Optimization

[17] Although the water layer was fixed, seismic veloci-
ties in the sediment layer, igneous crust, and upper mantle
were updated during each iteration of the tomographic
inversion. Regularizing constraints were based primarily
on the second spatial derivatives (horizontal and vertical)
of the model slownesses. Ratios of vertical to horizontal
smoothness between 5% and 30% were tested, and a value

Figure 3. (continued)
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of 20% was selected as it produced the fewest apparent
artifacts (e.g., strong decreases of velocity with depth or
velocity perturbations concentrated on regions of high ray
density) in intermediate and final velocity models. A
constraint on the difference between the model update and
the initial model was also applied, but this was weighted at
only 1% of the smoothness constraints. During each non-
linear iteration, three values of the tradeoff parameter
between the model constraints and traveltime misfit were
tested, but this parameter was reduced by a factor of at most
2 between iterations. Limiting the decrease in the tradeoff
parameter slowed the convergence of the tomographic
inversion, necessitating more iterations, but this approach
resulted in the desired development of mostly long wave-
length structures during early iterations. (For further details,
see Zelt and Barton [1998], Ramachandran [2001], and
Ramachandran et al. [2004].) Nine iterations were comput-
ed, which reduced the RMS traveltime residual from 0.420 s
to 0.119 s, corresponding to a reduction in the normalized
c2 value from 17.0 to 1.0.
[18] The value of the RMS traveltime residual for the

entire 3-D survey gives no indication of the existence of
large residuals in certain parts of the traveltime data.
Therefore the traveltime residuals for all shot azimuths into
each receiver were binned by offset and displayed
(Figure 5). Detailed examination of these residuals indicates
that the majority of observed traveltimes are reproduced
well by the final velocity model and that most errors are
associated with offsets greater than 120 km. To determine
whether these larger residuals at far offsets significantly

affect the final model, we recomputed the tomographic
inversion with only source-receiver offsets less than
120 km. The mean difference in velocity magnitude
between the two models computed on a cell-by-cell basis
is <0.5% above a depth of 27 km, which we do not consider
significant, but there are differences in the maximum depth
of ray coverage in the center of the velocity model.

4.3. Model Assessment

[19] The regions of the final 3-D velocity model con-
strained by the wide-angle seismic survey are related to the
geometry of subsurface ray coverage, which is greater than
100 rays per 1 km cubic cell along the north–south receiver
lines at depths shallower than 15 km and along the east–
west JAMSTEC 2-D line at depths less than 22.5 km
(Figure 6). Although some small gaps in ray coverage exist
at depths between 10 km and 22.5 km, the velocity model is
considered to be reasonably well constrained over this depth
range because of the continuity and extent of the ray
coverage.
[20] To assess the lateral resolution of the final velocity

model, a series of 2-D checkerboard tests with horizontal
grid dimensions (half wavelengths) of 10 km, 20 km, 30 km,
and 40 km were performed using the same model con-
straints, grid/cell dimensions, and source-receiver configu-
ration as the original tomographic inversion [e.g., Zelt,
1998]. The model, with the exception of the fixed water
layer, was subject to a laterally varying sinusoidal pertur-
bation of given half wavelength; the maximum value of the
perturbation was 10% of the velocities of the final model.
Traveltimes were calculated for this perturbed model, and
Gaussian noise with the same standard deviation as the
original picks was added. These traveltimes were then
inverted using the nonperturbed velocity values as a starting
model. The degree to which these lateral velocity perturba-
tions can be recovered provides an indication of the degree
of lateral resolution in the final velocity model as a function
of depth. The ideal result of such a test is vertically oriented
sinusoidal banding that extends uniformly across the veloc-
ity model below the seafloor and appears as a 2-D sinusoid
in horizontal slices through the 3-D model. The 40 km
checkerboard is well recovered above 17.5–20 km depth
and is partially recovered at depths as great as 25 km in the
eastern half of the primary survey grid defined in section 3.1
(Figure 7a). The 30 km checkerboard (not shown) is well
recovered in the main survey grid above 15 km depth,
except for the extreme NW and SE corners, and is partially
recovered at depths as great as 20 km in the eastern half of
the main survey. The 20 km checkerboard is well recovered
above 12.5–15 km depth within the main survey grid, with
the exception of the extreme SE corner (Figure 7b). The
10 km checkerboard is not well recovered anywhere within
the velocity model and is not shown.
[21] To assess the vertical resolution of the velocity

model, we computed 3-D checkerboard tests in which the
sinusoidal perturbation had half wavelengths of 5 km and
10 km in the vertical direction and 30 km in both the
horizontal dimensions. The sinusoidal perturbation with
10% peak amplitude was imposed on the final model at
depths greater than 2 km below the seafloor to avoid large
changes to raypaths close to the sources and receivers. The
10-km-thick anomalies are recovered at depths above 20 km

Figure 4. Initial 1-D P wave velocity model used in the
igneous crust for the nonlinear tomographic inversion,
shown with a table of velocity values at various depths in
the initial model. To avoid generating artifacts in the final
model, no discontinuity at the Moho interface is included.
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across most of the primary survey grid, but the rectangular
shape is more distorted near 20 km depth and approaching
the edges of the main survey area (Figure 8a). Anomalies
are sometimes detectable at depths below 20 km, but their
shape is poorly resolved. The 5-km-thick anomalies are best
resolved at depths between 5 km and 15 km (Figure 8b).
Between 15 km and 20 km depth, positive velocity anoma-
lies are commonly resolved, but the identification of nega-
tive anomalies is problematic because of the decrease in
spatial resolution with increasing depth characteristic of
crustal-scale refraction surveys.

5. Three-Dimensional Velocity Model

[22] The final 3-D velocity model is shown in Figure 9
with areas of zero ray coverage in the final tomographic
iteration colored white. The velocity model is displayed as
a series of horizontal slices at depth intervals of 2.5 km.
The location of the modern active volcanic arc and the
Eocene frontal arc correspond to the two longest approx-
imately north–south lines along which airgun shots were
fired. Subject to the constraints of ray coverage, it is clear
that at depths less than approximately 10 km the frontal
arc exhibits higher average P wave velocities than the
modern arc. At a depth of 7.5 km below sea level, for
example, P wave velocities along the frontal arc are almost
everywhere between 6.0 km s�1 and 6.5 km s�1; in
contrast, along the modern arc, velocities only exceed

6.0 km s�1 in three relatively small areas that extend
20–40 km along strike. At depths greater than 12.5 km,
P wave velocities in the frontal arc are lower than the
modern arc; for example, at a depth of 15 km, P wave
velocities along the frontal arc are almost everywhere
<7.0 km s�1, but along the modern arc velocities at the
same depth are 7.0–7.4 km s�1. These general observations
are consistent with a thinner and more mafic crust under
the modern arc than under the Eocene frontal arc, but the
depth of the Moho within the 3-D velocity model must be
better constrained before such an inference can be conclu-
sively drawn.
[23] The Moho, conventionally assumed to separate crust-

al rocks from upper mantle rocks, and by definition sepa-
rating rocks with velocities above and below 7.6 km s�1

[Steinhart, 1967], is not particularly well defined in the final
3-D velocity model because the tomographic inversion used
only first arrivals. In velocity models generated using this
approach, relatively sharp interfaces such as the Moho are
commonly represented by much smoother increases in
velocity that may extend over a few kilometers. We have
therefore estimated the isovelocity contour in our final
model that approximates the Moho by comparing the
velocity model along the JAMSTEC 2-D profile, which
was derived by Takahashi et al. [2007] using both first
arrivals and wide-angle PmP reflections with a coincident
vertical section extracted from our final 3-D model
(Figure 10). In the JAMSTEC 2-D velocity model the

Figure 5. Multiazimuth traveltime residuals for each receiver binned by source-receiver offset for (a) initial
model and (b) final model. Traveltime residuals between the first-arrival picks and times calculated
through the two velocity models were binned by source-receiver offset at 0.5 km intervals. Thus each bin
contains the traveltime residual averaged over the range of recorded azimuths. For the final velocity
model, traveltime residuals are less than 0.1 s at most offsets less than 120 km; however, residuals are
greater than 0.2 s for a number of receivers deployed along the frontal arc at offsets greater than 150 km.
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Moho is represented by a reflecting interface (not an
isovelocity contour), across which the P wave velocity
increases from 7.3 ± 0.1 km s�1 to 7.7 ± 0.1 km s�1 at a
depth of 19–20 km beneath both modern and frontal arcs.
Similarly, the ‘‘base midcrust’’ in Figure 10 is an interface
in the model of Takahashi et al. [2007], across which the
velocity increases from 6.4 ± 0.1 km s�1 to 6.7 ± 0.1 km s�1

beneath modern and frontal arcs. In the coincident section
extracted from our 3-D model, there is no sharp interface at
the Moho. The 7.4 km s�1 isovelocity contour correlates
well (±1 km) with the Moho interface at 19.5 km depth
beneath the modern arc and also farther west (±1.7 km)
where the arc Moho shoals to 13.5 km outside the primary
survey grid (Figure 10a). Immediately beneath the frontal
arc, the 7.4 km s�1 contour deepens to as much as 23.5 km
below sea level, some 3.5 km below the Moho interface.
Farther east within the primary survey grid, whose eastern
edge is defined by line 30, the contour varies from 1 km
below to 2.5 km above the Moho interface. With the
exception of a narrow region beneath the frontal arc the
greatest discrepancies between the 7.4 km s�1 contour and
the Moho interface inferred by Takahashi et al. [2007] occur
in the fore-arc and back-arc regions outside the primary

survey grid, where the 3-D model is less well constrained.
The JAMSTEC 2-D line intersects the frontal arc where the
crustal thickness is changing along strike (Figure 11a), and
the larger mismatch here may be partly attributable to the
effects of out-of-plane propagation. Although we recognize
that there may be localized discrepancies of up to approx-
imately 3 km, we have used the 7.4 km s�1 contour as the
most practical proxy for the Moho throughout our 3-D
velocity model.

5.1. Crustal Thickness

[24] Using our 3-D velocity model, we have estimated the
igneous crustal thickness within the primary survey grid
where the Moho, that is, the 7.4 km s�1 isovelocity contour,
is best constrained by the available ray coverage (Figure 11a).
We consider the igneous crust to be defined by the depth
interval between the 2.9 km s�1 and 7.4 km s�1 contours.
Velocities of 3.0 km s�1 were introduced into the uppermost
igneous crust in our model to reproduce the traveltimes
observed at small offsets, and thus these velocities charac-
terize most of the volcanic edifices. With a velocity bound
of 2.9 km s�1, however, sedimentary rocks such as carbo-
nates, which possess relatively high velocities, may be

Figure 6. Density of ray coverage in each cubic 1 km cell at different depths within the final 3-D
velocity model (thick dashed grey line in Figure 2). At depths less than 5 km, raypaths are confined to
regions near the shots and receivers, but between 10 km and 20 km depth ray coverage is continuous
across the primary survey grid. At depths greater than 20 km the areal coverage diminishes with
increasing depth and is confined to a region close to line 20 below 25 km depth.
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included in our estimate of the igneous crustal thickness, but
such contributions are likely to be small and less than the
discretization of the velocity model.
[25] We have assessed the stability of our estimate of

crustal thickness by using alternative initial velocity models
in which the limiting upper mantle velocities at depth were
7.6 km s�1 and 8.4 km s�1. Within the region of ray
coverage the depth to the 7.4 km s�1 contour in the final

model varied by less than 2 km with the exception of a
30-km-long section of the frontal arc (295 < y < 325). In
these tests, however, the depth to the 7.5 km s�1 isovelocity
contour varied by more than 4 km across a much wider area
of the models, suggesting that this contour is not particularly
well constrained where it lies deepest along the frontal arc.
On the basis of these assessment tests, we consider our
estimate of crustal thickness using the 7.4 km s�1 contour to

Figure 7. Checkerboard tests showing lateral resolution of the final 3-D velocity model at different
depths for (a) 40 km 	 40 km cells and (b) 20 km 	 20 km cells. The 40 km checkerboard anomalies are
well recovered across the main survey grid above 17.5 km depth and can still be identified at depths as
great as 25 km near line 20/21. With the exception of the SE corner, the 20 km checkerboard pattern is
recovered in the primary survey grid at depths less than 12.5–15 km.
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be quite reliable (approximately ±1.5 km) along the active
arc and reasonably so (approximately ±2.5 km) along the
frontal arc.
[26] The igneous crust of the frontal arc is thickest in the

southern half of the main survey grid, reaching 22–24 km,
and thins to 18–20 km farther north (Figure 11a). Along the
modern arc the crustal thickness reaches 20 km beneath most
of the volcanoes but decreases to approximately 13–16 km

between them; this variation in crustal thickness is partly
due to the inclusion of the volcanic edifices in the igneous
crustal estimate. To the east of the frontal arc the igneous
fore-arc crust has a thickness of 13 km in the northern part
of the survey grid, but the crust thins to 8 km in the south.
It should, however, be noted that the correlation with the
JAMSTEC 2-D profile (Figure 10a) suggests that the
igneous crustal thickness could be up to 2 km greater in

Figure 8. Checkerboard tests showing vertical resolution of final model along a range of north–south
and east–west sections through the primary survey grid with (a) 30 km 	 30 km 	 10 km cells and
(b) 30 km 	 30 km 	 5 km cells. Vertical sections have been extracted at the peaks of the horizontal
sinusoidal variation. Vertical exaggeration is 5:1.
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the fore arc than the above estimates, which are based on
the 7.4 km s�1 isovelocity contour. To the west of the
modern arc the crust thins to approximately 6 km, but,
with the exception of its eastern side where OBS were
deployed along line 30, changes in crustal thickness close
to the edges of the survey grid are not well constrained.

5.2. Crustal Layer Isopachs

[27] We have calculated isopach maps of the middle and
lower crust as defined by the velocity ranges 6.0–6.5 km s�1

and 6.5–7.4 km s�1, respectively (Figures 11b and 11c).
These particular velocity intervals have been selected to
facilitate comparisons with previously published seismic
results from other oceanic arcs. As with the crustal thickness
estimate these maps are restricted to the area of the primary
survey grid where the constraint by the data, which can be
judged from the ray coverage of the 3-D velocity model
(Figure 6), is greatest. In the 3-D model, velocities of
6.0 km s�1 are constrained by ray coverage up to 20 km
from the shot lines, but there are gaps in coverage in the
centers of some of the rectangles defined by the survey grid
(Figure 11b).
[28] Disregarding structures extending less than 20 km

along strike, which we consider to be the limit of resolution

of the 3-D tomographic inversion, the thickness of the
midcrust varies between 2 km and 5 km along the modern
arc and only reaches a significant thickness near Sarigan,
where three volcanoes have merged into a larger structure.
Along the frontal arc the midcrustal layer is clearly better
developed, but it is not of uniform thickness along strike,
varying between 3 km and 6 km. Along the modern arc the
thickness of the lower crust exceeds 12 km near the volcanic
centers but thins to 5–9 km between them. Although thicker
along the frontal arc, the lower crust thins from 15–18 km
in the southern part of the primary survey grid to 12–15 km
in the north, reflecting the change in crustal thickness
shown in Figure 11a. Near the modern arc many of the
isovelocity contours in the middle and lower crust define
approximately circular features, for example, near Alama-
gan, Sarigan, and Anatahan. In contrast, the contours
beneath the frontal arc are subparallel to strike beneath
the frontal arc.

5.3. Upper Mantle Velocities

[29] In general, P wave velocities in the upper mantle are
not particularly well constrained across the 3-D velocity
model owing to the relatively small number of traveltime
picks available at far offsets; the limited number of picks at

Figure 9. Depth slices through the final velocity model with areas of zero-ray coverage shaded white.
The lines along the modern arc, Eocene frontal arc, and fore arc are labeled on the 7.5 km section. Above
depths of 10 km the frontal arc possesses higher P wave velocities, but below 15 km the modern arc has
higher velocities, suggesting a thinner crust. M indicates the 7.4 km s�1 isovelocity contour, which is
shown by a thicker black line.
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distances greater than 120 km arises from both the length of
the east–west shot lines in the primary survey grid and the
difficulty in detecting first arrivals at long offsets because of
seismic attenuation in the arc and the background noise
level. The highest velocities constrained by the 3-D survey,
which are 7.7–7.8 km s�1, occur in the northwest and
southwest corners of the velocity model (z = 12.5 km and
z = 17.5 km depth slices in Figure 9, respectively) where

6–9-km-thick crust is present at the edge of the volcanic
arc. Elsewhere beneath the thicker crust of the arc the
velocities increase gradually with depth from 7.4 km s�1,
but usually the 7.6 km s�1 contour is deeper than the limit of
ray coverage. The deepest ray coverage occurs beneath the
long north–south shot lines over the modern and frontal arcs,
where velocities of 7.6–7.7 km s�1 are found (Figure 9).
Beneath the JAMSTEC 2-D line, velocities of 8.0 km s�1,

Figure 10. Comparison of 3-D velocity model and JAMSTEC 2-D model. (a) The vertical section was
extracted from 3-D model along the JAMSTEC 2-D profile. The 3-D velocity model indicates that crustal
velocities extend to greater depth beneath the frontal arc than the modern arc. The intersection points with
the north–south shot lines of the 3-D survey, that is, the east–west extent of the primary survey grid, are
indicated by arrows across the top of the section, and the Moho and the base of the middle crust inferred
in the JAMSTEC 2-D velocity model are shown by the dashed black lines. (b) The JAMSTEC 2-D
velocity model was obtained using first arrivals and wide-angle reflections. The Moho and the base of the
middle crust identified using wide-angle reflections [Takahashi et al., 2007] are shown by the continuous
thick black lines; the velocity contrasts across these interfaces are also indicated, and the locations of
JAMSTEC OBS receivers are shown by the solid green circles.
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which are constrained primarily by first arrivals from the
JAMSTEC survey, are present at a depth of 22 km beneath
the modern arc. The inference of a P wave velocity of
8.0 km s�1 from an approximately east–west oriented

profile in the same location that a north–south profile of
the 3-D survey indicates a velocity of approximately 7.6 km
s�1 may imply 5% azimuthal anisotropy in the upper mantle
beneath this part of the modern arc, with the fast direction

Figure 11. Isopachs calculated from 3-D velocity model for (a) igneous crust (2.9–7.4 km s�1),
(b) middle crust (6.0–6.5 km s�1), (c) lower crust (6.5–7.4 km s�1), (d) low-velocity lower crust (6.5–
7.0 km s�1), (e) high-velocity lower crust (7.0–7.4 km s�1), and (f) ratio of low-velocity lower crust to
high-velocity lower crust. The thickness of the lower-crustal layers is only shown where ray coverage
exists at both the upper and lower isovelocity contours. Note that the color scale for the isopach
thicknesses varies between different parts of this figure. P, Al, G, S, and An are the active volcanic islands
of Pagan, Alamagan, Guguan, Sarigan, and Anatahan, respectively. FdM is Ferdinand de Medinilla on
the frontal arc.
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parallel to the direction of back-arc spreading, as is typically
expected in oceanic crust [Francis, 1969]. However, the
inclusion of wide-angle reflections in the analysis of the
JAMSTEC 2-D line [Takahashi et al., 2007] produces lower
velocities in this part of the upper mantle and implies a
relatively small discrepancy. In summary, the 3-D seismic
survey is consistent with the earlier inference of P wave
velocities immediately beneath the Moho that are lower than
the global average of 8.1 km s�1 [Takahashi et al., 2007].

5.4. Along-Arc Velocity Sections

[30] To compare the structures of the modern and frontal
arcs, we have extracted from the 3-D velocity model a
vertical section along shot line 10 and another section close
to line 20/21 (Figure 12); the location of the latter was
chosen to intersect the highest density of rays in the middle
and lower crust (Figure 6), but this section still samples the
axis of the frontal arc because shot points of line 20/21 were
east of Saipan (Figure 2). In general, the best-constrained
parts of the displayed sections correspond to the regions
beneath the OBS arrays, and we restrict our observations to
these areas.

[31] The volcanic edifices and the intervening accumu-
lations of sediment are well represented in the section along
the modern arc (Figure 12a). The high gradient zone across
which velocities increase with depth to 3.0–4.0 km s�1

marks the basement interface. In the upper 4 km of the igneous
crust the velocity gradient is approximately 0.5 m s�1. Many
of the velocity contours in the upper crust mimic the
geometry of the seafloor, but above 15 km below sea level
the undulations of the contours decrease with increasing
depth down to about 15 km below sea level, resulting in the
7.0 km s�1 contour being subhorizontal below the modern
arc. We have quantified these observations by calculating
correlation coefficients of individual contours with the
seafloor within a 30-km-wide swath centered on line
10. Correlation coefficients decrease from 0.95 for the
2000 m s�1 contour to 0.45 for the 5000 m s�1 contour,
and the 7000 m s�1 contour has a negative coefficient of
�0.27. The deeper contours exhibit much greater relief. For
example, the 7.4 km s�1 isovelocity contour that we
consider to represent the Moho varies between 16 km and
22 km below sea level but has a low negative correlation of
�0.18 with the seafloor.

Figure 12. Vertical slices extracted from 3-D velocity model showing (a) along modern arc and
(b) along frontal arc. The two sections are aligned such that a given latitude corresponds approximately to
a vertical line through the two sections. The locations of OBS and Reftek receivers are shown by the solid
green circles. The section along the frontal arc does not correspond exactly to shot line 20/21 (see Figure 2)
because it was extracted from the region to the west where ray density in the middle and lower crust is
greatest; receiver locations are projected onto the section from the east. Vertical exaggeration is 5:1.
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[32] Beneath the Eocene frontal arc the velocity gradient
in the upper igneous crust is generally similar to that of the
modern arc (Figure 12b), and the velocity contours also
mimic the bathymetry, which is more subdued than along
the modern arc. Within a 30-km-wide swath around line 20/
21, correlation coefficients vary from 0.97 for the 2000 m
s�1 contour to 0.68 for the 5000 m s�1 contour. In contrast
to the modern arc, however, the deeper velocity contours,
for example, 7000 m s�1, under the frontal arc appear to
become more rugose with increasing depth, suggesting a
higher degree of heterogeneity within the lower crust above
a Moho that varies between 20 km and 26 km below sea
level. The northward shoaling of the Moho is associated
with an increase in seafloor depth, and more generally
beneath the frontal arc the 7400 m s�1 isovelocity contour
has a negative correlation coefficient with the seafloor of
�0.55. Although this coefficient is not particularly high, it
does indicate that a crustal root related to the volcanic
seafloor topography may be more likely under the longer-
lived Eocene frontal arc than the modern arc.

6. Discussion

[33] The 3-D P wave velocity model derived by tomo-
graphic inversion of first arrivals reveals a dramatic lateral
variability at all levels of the crust that appears, with some
exceptions, to be correlated with the location of past and
present volcanism (Figures 2, 9, and 11). This variability is
very evident along the strike of the arc, not only along the
modern arc, in which isolated volcanoes have not yet linked
to form a continuous structure after only 3–4 Ma of
evolution, but also along the frontal arc, in which 35 Ma
of activity might be expected to have created a relatively
uniform average structure. This significant variability, by a
factor of 2 in the thickness of specific velocity ranges
(Figures 11b and 11c) that are widely used in petrological
models and growth rate calculations [e.g., Holbrook et al.,
1999; Takahashi et al., 2007], provides a caveat to most
published arc evolution models that are based on single arc-
perpendicular transects; such single profiles may be unrep-
resentative of the average arc.
[34] To capture the first-order properties of the crust along

the modern arc and the Eocene frontal arc, we have
computed representative 1-D velocity-depth functions
where they are best constrained within the primary 3-D
survey grid. These 1-D velocity functions have been esti-
mated by averaging along strike the vertical sections dis-
played in Figure 12 where ray coverage exists and is
deepest, that is, 80 km to 250 km along the profile in
Figure 12a and 230 km to 360 km in Figure 12b. The two
functions demonstrate the main differences between the
modern volcanic arc and the Eocene frontal arc: For a given
depth over a range of 3–6 km below sea level, P wave
velocities are 240–360 m s�1 lower in the upper crust of the
modern arc; at a depth of 15 km below sea level, which
corresponds to the lower crust, velocities are 280 m s�1

higher beneath the modern arc (Figure 13).
[35] The P wave velocities of igneous crustal rocks

decrease with increasing temperature [Birch, 1943; Kern,
1978; Christensen, 1979], and in the absence of melting a
reduction in lower-crustal velocity of 0.12 km s�1 has been
suggested for the Aleutian arc relative to the same depth in

the fore-arc region [Fliedner and Klemperer, 1999]. The
thermal structure of the Mariana arc is not well known, but a
similar difference in velocities is predicted at a depth of
20 km if the geothermal gradient varies from a high value of
40�C km�1 in the active arc to 25�C km�1 in the fore arc.
Depth slices through our 3-D velocity model show no
indication of a P wave velocity reduction in the middle or
lower crust under the modern volcanoes, most of which are
characterized by higher velocity. Temperature clearly cannot
explain the elevated lower-crustal velocities beneath the
modern active arc, which is likely to be hotter than the
frontal arc. Temperature may contribute to the reduced
upper crustal velocities along the modern arc, but at depths
less than 7 km the predicted variation due to temperature is
small, probably less than 0.04 km s�1, and much less than
the observed difference. Accumulations of partial melt may
be significant locally, but if so, their dimensions must be
considerably less than the 20 km resolution of the tomo-
graphic inversion.
[36] Given the relatively small effect of temperature on

the magnitude of seismic velocity variation at a given depth,
we interpret the velocity variations inferred in the upper
crust in terms of porosity, and we interpret the variations in
the middle and lower crust in terms of mineral composition
related to the volcanic arc’s magmatic evolution. We con-
strain this interpretation with laboratory measurements of
seismic velocity on arc rocks exhumed from the middle and
upper crust in the Izu collision zone that have been
published previously by Kitamura et al. [2003].

6.1. Tanzawa Plutonic Complex

[37] A suite of Miocene tonalitic and gabbroic plutons
from the middle crust of the northern Izu-Bonin arc, known
as the Tanzawa plutonic complex (Figure 1), was exhumed
in the collision with the Honshu arc that began approxi-
mately 6 Ma ago [Nitsuma, 1989; Kawate and Arima,
1998]. These plutons, which have K-Ar ages of 7 Ma [Saito
et al., 1991], intruded volcanic rocks, hemipelagic sedi-
ments, and volcaniclastic sediments of the Miocene (17–
11 Ma) Tanzawa Group whose metamorphism indicates a
maximum depth of approximately 6 km [Arai, 1987].
Following their correction to a common temperature of
25�C and also to confining pressure from depth, tomo-
graphic velocities estimated in the Mariana arc crust can be
compared to laboratory P wave velocity measurements on a
representative set of samples from the Tanzawa plutonic
complex [Kitamura et al., 2003]. The 1-D velocity func-
tions derived for the Mariana modern and frontal arcs were
corrected using a geothermal gradient of 25�C km�1, which
is an average value for island arcs [Furukawa, 1993], and a
thermal coefficient of �0.04 m s�1 �C�1 (solid lines in
Figure 13). For the samples from the Tanzawa plutonic
complex, Kitamura et al. [2003] found very little variation
of seismic velocity with temperature up to 400�C and
estimated thermal coefficients between �0.027 m s�1

�C�1 and 0.053 m s�1 �C�1. If we had used a coefficient
of �0.4 m s�1 �C�1 based on a broad range of crustal rocks
[Rudnick and Fountain, 1995], the corrected tomographic
velocities would be �0.2 km s�1 larger at a depth of 20 km
(dashed lines in Figure 13). The reason for the low variation
of velocity with temperature of the Tanzawa samples
relative to most crustal rocks is not clear, but it may be
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attributable to a combination of a limited range of temper-
ature measurements and nonlinear behavior above 300–
600�C [Kitamura et al., 2003; Kern and Richter, 1981]. Our
velocity functions were converted from depth to lithostatic
pressure using an empirical relation between velocity and
density [Brocher, 2005].
[38] The laboratory P wave velocities of the Tanzawa

tonalitic rocks all exhibit a velocity of 6.2 km s�1 at
0.23 GPa, and there is little to distinguish between them
at midcrustal depths (�8–12 km). The velocities of these
tonalite samples correlate well with velocity profiles esti-
mated for the middle crust of the northern Izu arc
[Takahashi et al., 1998] (Figure 13), but their velocities
are as much as 0.35 km s�1 lower than the values we have

inferred in the Mariana arc at similar depths using 3-D
seismic tomography. (The characteristics of the different
seismic velocity models will be discussed in section 7.) The
velocities of the gabbro samples, which originated in the
middle to upper crust, vary more widely than the tonalites.
Although the hornblende gabbro and pyroxene-hornblende
gabbro have velocities that are 0.35–0.55 km s�1 greater
than the Mariana velocity functions at 0.25 GPa, the quartz
gabbro, with a velocity of 6.45 km s�1, matches the
Mariana velocity functions well both at this confining
pressure and throughout the middle crust.
[39] At a confining pressure of 0.35 GPa, which corre-

sponds to the upper part of the lower crust (�13 km depth),
temperature-corrected P wave velocities in the Mariana arc

Figure 13. Comparison of laboratory measurements of P wave velocity on tonalitic and gabbroic rocks
from the Tanzawa plutonic complex (after Kitamura et al. [2003]) with averaged 1-D seismic velocity
functions from the Mariana arc (Figure 12). The 1-D velocity functions from the northern Izu-Bonin arc
[Takahashi et al., 1998] are also shown. The seismic velocity-depth functions have been converted to
velocity-pressure and corrected to a temperature of 25�C (see text). The solid lines correspond to
correction with a temperature coefficient of �0.04 m s�1 �C�1, which is a representative value for
measurements made on samples from the Tanzawa plutonic complex [Kitamura et al., 2003]. The dashed
lines correspond to correction with a coefficient of �0.4 m s�1 �C�1, which is an average value for
crustal rocks [Rudnick and Fountain, 1995]. The thicknesses of the different crustal layers, which have
been defined by the in situ velocities in the seismic models, are also indicated. The tonalite samples are
identified by their SiO2 content. Qtz, quartz; Px, pyroxene; Hbl, hornblende. M indicates the inferred
location of the Moho.
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are greater than 6.7 km s�1. At this pressure the velocities of
all the tonalite samples are below 6.5 km s�1, indicating that
tonalite is unlikely to make up a large proportion of the
lower crust. Within the lower crust of both the modern and
Eocene Mariana arcs, the increase in velocity with depth is
well represented by a downward transition from silica-rich
gabbroic rocks to pyroxene-hornblende gabbro. The signif-
icant difference between these two velocity functions
(active arc and frontal arc) arises from the much greater
thickness of the shallower, lower-velocity lower crust be-
neath the remnant frontal arc, which is consistent with a
composition between quartz gabbro and hornblende gabbro.
Temperature-corrected P wave velocities greater than ap-
proximately 7.3 km s�1 are likely to indicate rocks such as
norite, troctolite, or orthopyroxenite characteristic of pyrox-
ene restites [Kitamura et al., 2003]. In our 3-D tomographic
velocity model the thickness of the region with velocities
between 7.3 km s�1 and 7.7 km s�1 is not well constrained
because any sharp transition to mantle rocks may have been
smoothed vertically over a few kilometers, but our tomo-
graphic velocity functions are consistent with the existence
of such rocks immediately above the seismic Moho.

6.2. Arc Structure

6.2.1. Upper Crust
[40] Upper crustal P wave velocities as low as 3–4 km

s�1 are required just below the basement interface to fit first
arrivals at small offsets. Velocities as low as 2.5–3.0 km s�1

have been inferred in the extrusive basaltic layer of 0–3 Ma
old oceanic crust using OBS surveys, and a gradual increase
in velocity to 3.5–4.5 km s�1 by 4–5 Ma and to 4.0–
5.5 km s�1 at ages greater than 50 Ma has been documented
[White, 1984]. In young oceanic crust the upper part of the
igneous crust typically comprises pillow basalts, talus, and
perhaps interlayered sediments that result in a high average
porosity, and this porosity is largely responsible for the low
P wave velocities. The effects of hydrothermal circulation
lead to the filling of voids, a reduction in porosity, and an
increase in the seismic velocity of the upper crust with age.
The factors that control the seismic velocities of the upper
igneous crust of an oceanic volcanic arc are similar to those
that play a role in the development of oceanic crust; for
example, subaqueous eruption of pillow basalts and mass-
wasting from steep volcanic slopes are common. The low P
wave velocities in the shallowmost igneous crust of
the modern arc are likely due to high porosity within the
volcanic layer. The higher upper crustal velocities of the
older frontal arc probably reflect a reduction of porosity
with age similar to that seen in normal oceanic crust. Since
tonalitic rocks from the Tanzawa plutonic complex exhibit
velocities between 5.5 km s�1 and 6.0 km s�1 km at
pressures less than 0.2 GPa, we suggest that the deeper
upper crust of the Mariana arc may comprise substantial
volumes of volcanic rocks subsequently intruded by plutons
of tonalitic and perhaps quartz gabbroic composition.
6.2.2. Middle Crust
[41] In our 3-D velocity model, which lacks intracrustal

discontinuities, we have defined the midcrust to be the
region with in situ velocities between 6.0 km s�1 and
6.5 km s�1. These velocities are too low to correspond to
most gabbroic rocks, with the exception of quartz gabbro,
but the Mariana velocity functions are also up to 0.3 km s�1

higher than the velocities of the Tanzawa tonalites at similar
depths. We consider this midcrust to be on average of
‘‘intermediate’’ composition; however, it is likely an over-
simplification to associate a single lithology with this region
of our velocity model. Mapping of the Tanzawa plutonic
complex suggests that the middle to upper crust of the Izu
arc includes plutonic rocks that range from pyroxene-
hornblende gabbronorite to relatively quartz-rich tonalite,
with the tonalitic rocks being the later intrusions [Kawate
and Arima, 1998]. We therefore suggest that the midcrust
we have identified in the Mariana arc comprises tonalitic
and gabbroic rocks with a range of compositions similar to
the Tanzawa complex but that on average the composition
of this region is similar to quartz gabbro, that is, andesitic.
[42] With velocities of 6.1–6.3 km s�1 the 4–7-km-

thick midcrustal layer of the Izu-Bonin arc (along profile a
in Figure 1) has been interpreted to be tonalite produced by
intracrustal differentiation of an initially basaltic crust
[Suyehiro et al., 1996; Takahashi et al., 1998; Taira et al.,
1998]. A recent 2-D seismic survey along this arc (profile b in
Figure 1) has revealed a 6.0–6.5 km s�1 midcrustal layer that
varies in thickness between 2 km and 8 km [Kodaira et al.,
2007]. Our Mariana 3-D survey shows that the 6.0–
6.5 km s�1 midcrustal region thins to 2 km between the active
volcanoes of the modern Mariana arc. Although the 3-D
survey indicates a more laterally extensive, 3- to 6-km-thick
midcrust beneath the older frontal arc, in general, the middle
crust between the Mariana fore-arc and back-arc regions is
less than 3 km thick, which is significantly less than the
average thickness inferred in the northern Izu-Bonin arc.
6.2.3. Lower Crust
[43] The 6.5–7.4 km s�1 range of in situ velocity that we

have chosen to represent the Mariana lower crust is similar
to the P wave velocities of 6.8–7.3 km s�1 and 6.6–7.4 km
s�1 that have been used previously to define the lower crust
of the Izu-Bonin [Suyehiro et al., 1996] and Mariana arcs,
respectively [Takahashi et al., 2007]; the 6.5 km s�1

isovelocity contour corresponds closely to the base of the
middle crust (Figure 10). In the case of the 35-km-thick
Aleutian oceanic arc, velocities of 6.5–7.4 km s�1 define
the midcrust, but this region is underlain by rocks with
velocities of 7.3–7.7 km s�1 [Shillington et al., 2004],
which would lie largely beneath the Moho of our 3-D
model.
[44] The thickness of the upper part of the Mariana lower

crust with velocities between 6.5 km s�1 and 7.0 km s�1

characterizes the difference between the modern and frontal
arcs. The globally averaged velocity of oceanic lower crust
is 6.95 km s�1 [White et al., 1992], and the velocities of
gabbroic rocks recovered from ocean crust by drilling are
6.5–7.4 km s�1 [Iturrino et al., 1991, 1996]. P wave
velocities below 6.9 km s�1 are difficult to simulate in
pristine gabbros using models of mantle melting and may be
best explained in oceanic crust by fracture porosity arising
from ridge-crest faulting and thermal contraction [Korenaga
et al., 2002]. Although thermal contraction and faulting
associated, for example, with arc rifting may serve to reduce
the velocity of gabbroic rocks within the Mariana arc, it is
also possible that velocities of 6.5–6.9 km s�1 indicate a
region comprising both gabbroic and intermediate compo-
sition plutons that give the region its quartz gabbro bulk
composition. The rugose velocity contours in the vertical
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section along the frontal arc (Figure 12b) are likely an
indication of this heterogeneity. Along the Izu arc a 2–
8-km-thick layer with velocities between 6.5 km s�1 and
6.8 km s�1 is interpreted to comprise intermediate compo-
sition plutons [Kodaira et al., 2007]. As in the Tanzawa
plutonic complex rocks with both andesitic and basaltic
composition are found in the exhumed midcrust of the
Kohistan arc in Pakistan, where the original crustal thick-
ness is estimated to be approximately 40 km [Miller and
Christensen, 1994]; at in situ temperature and pressure,
predicted velocities for these rocks are 6.5–7.5 km s�1

[Shillington et al., 2004].
[45] Theoretical calculations [Korenaga et al., 2002] and

compilations of P wave velocities from rock samples
[Christensen and Mooney, 1995; Kitamura et al., 2003]
corresponding to 10–20 km depth imply that in situ
velocities of 7.0–7.4 km s�1 in the Mariana lower crust
represent quartz-poor gabbroic plutons. Temperature cor-
rection of in situ velocities using a thermal coefficient of
�0.4 m s�1 �C�1 results in the highest velocity functions

shown in Figure 13 (dashed lines) and implies a velocity of
approximately 7.5 km s�1 immediately above the Moho;
these velocities would be consistent with mafic/ultramafic
cumulates in the deepest part of the lower crust.
6.2.4. Uppermost Mantle
[46] Moho reflections are intermittently observed in the

3-D seismic data set beneath theMariana arc (e.g., Figure 3a),
demonstrating the widespread existence of this interface, in
general agreement with the more finely sampled 2-D survey
of Takahashi et al. [2007]. Below the deepest inferred crust of
the modern arc the 1-D velocity function indicates 7.7 km s�1

at a depth of 23–27 km, while velocities under the frontal arc
are approximately 7.6–7.7 km s�1 at 27–30 km (Figure 14).
Although constrained by only a small number of raypaths,
these velocities are similar to those of the lower crust
beneath the Aleutian oceanic arc, which were interpreted
to represent mafic-ultramafic cumulates or garnet granulites
[Shillington et al., 2004]. Using petrologic modeling of
results from their 2-D survey, Takahashi et al. [2007] have
suggested that the region immediately below the Mariana

Figure 14. Comparison of average 1-D velocity functions from the Mariana, Izu-Bonin, and Aleutian
oceanic island arcs. Upper crustal P wave velocities are 240–360 m s�1 less beneath the modern Mariana
arc than under the Eocene frontal arc, likely because of greater fracturing and porosity within the modern
volcanic edifices. In contrast, the lower crust of the modern arc at 15 km depth has velocities that are
280 m s�1 higher than beneath the frontal arc. (With the Moho inferred to be as shallow as 16 km below
sea level beneath the modern arc, average velocities corresponding to depths greater than 15 km may not
be indicative of the lower crust.) The velocity variation of the modern Mariana arc appears to be most
similar to the results obtained from the active Izu-Bonin arc farther north, but both velocity functions
from Mariana arc crust indicate that the crust here is significantly more mafic than typical continental
areas. MSL indicates mean sea level.
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arc may also be mafic-ultramafic cumulates; our inferred
velocities are consistent with their hypothesis. Although
velocities of 7.7 km s�1 are commonly observed in the
upper mantle of fore-arc regions, where serpentinization of
peridotites is postulated [Hyndman and Peacock, 2003], this
seems unlikely beneath the active and frontal arcs where
high temperatures associated with active magmatism should
act to dehydrate serpentinite. The preliminary results of a
passive seismic tomography survey of the Mariana arc show
that velocities of 7.7 km s�1 extend to depths as great as
100 km below the arc [Barklage et al., 2006]. At such
depths, which are well below the petrologic Moho, high
temperatures are the most plausible explanation for P wave
velocities below 8.0 km s�1, and such thermal effects may
be responsible for the low velocities we infer immediately
below the seismic Moho.

6.3. Evolution of Mariana Arc Crust

[47] Rocks with velocities of 7.0–7.4 km s�1 make up the
greatest proportion of the lower crust along the modern arc,
which has a relatively short (<4 Ma) magmatic history. The
limited development of middle crust here implies that a
period of >4 Ma is necessary to generate significant
volumes of intermediate composition crust. Thus if magma-
tism ceases after a relatively short period, the crust formed
will have a largely mafic composition, and we suggest that
the 15-km-thick fore-arc crust just east of the frontal arc
(280 < y < 340) represents a short-lived episode of magma-
tism that occurred early in the evolution of the Mariana arc
system [Stern and Bloomer, 1992]. Along the modern arc
the circular shapes of the middle and lower-crustal isopach
contours (Figure 11c) suggest that large-scale magmatic
activity here has been focused on a few centers, but the
minimum crustal thickness of 13 km, which is at least
double the thickness of the original oceanic crust, indicates
that the crust has also thickened at distances of up to 20 km
from the intrusive centers.
[48] Beneath the frontal arc the isopach contours are

somewhat wider and subparallel to strike, suggesting that
a number of magmatic centers have merged over the longer
history of this region. Relative to the modern arc the
decreased P wave velocities in the lower crust of the
Mariana frontal arc appear to be due to a thickened upper
region, that is, the interval between the 6.5 km s�1 and
7.0 km s�1 isovelocity contours (Figure 12). Along the
frontal arc, thicker regions of this low-velocity lower crust
(190 < y < 280 and 320 < y < 380 in Figure 11d) lie below
the thickest midcrust (180 < y < 220, 240 < y < 280, and
320 < y < 380 in Figure 11b), indicating that the growth of
these two crustal levels is probably related. We have
proposed that arc crust with velocities of 6.5–7.0 km s�1,
which are at the low end of the range of values typically
associated with gabbroic rocks, comprises a mixture of
gabbroic and intermediate intrusions. We suggest that the
growth of the middle crust and immediately underlying,
low-velocity lower crust is a function of age and is a result
of a >40 Ma history during which repeated episodes of
magmatic intrusion into the lower crust have resulted in
anatexis and intracrustal differentiation. Intermediate com-
position magmas generated by this process rose to form the
midcrust along the volcanic centers, but we suggest that

some of these magmas solidified in the immediately under-
lying lower crust, creating a region with seismic properties
similar to quartz gabbro.
[49] Along the frontal arc the thickest regions of low-

velocity (6.5–7.0 km s�1) lower crust appear to occur above
thinner regions of high-velocity (7.0–7.4 km s�1) lower
crust (190 < y < 250 and 320 < y < 370 in Figure 11e).
Generation of intermediate compositionmagma bymelting of
basaltic crust will produce a residuum of pyroxenite restite
[Nakajima and Arima, 1998], implying an increase in the
volume of high-velocity mafic rocks in the lower crust. Two
alternative explanations for the observed decrease in the
thickness of the high-velocity lower crust beneath regions
of growth in the low-velocity lower crust are as follows:
[50] 1. With P wave velocity of 7.4 –7.7 km s�1

[Christensen and Mooney, 1995], pyroxenite restite will
lie below the 7.4 km s�1 velocity contour we have identified
as the Moho, suggesting that the generation of intermediate
composition melts can raise the level of this velocity
contour in the petrologic lower crust and produce the
apparent thinning of high-velocity lower crust we interpret.
The observed along-strike variations in thickness of the
high-velocity lower crust would then imply that intracrustal
differentiation is not a uniform process and is segmented
along the arc.
[51] 2. With a density of 3.2–3.9 g cm�3 [Nakajima and

Arima, 1998], which is similar to or greater than peridotite
in the uppermost mantle, restite may have detached from the
arc crust and foundered [Behn and Kelemen, 2006]. If this
speculation is correct, then arc crust with a relatively thin
high-velocity lower crust, that is, the high-ratio regions in
Figure 11f, would be an indication that this delamination
process has occurred.
[52] Although lower-crustal velocities are less beneath the

Mariana frontal arc than below the modern arc, these
velocities still fall outside the range of values normally
associated with continental crust of normal thickness, im-
plying that the Mariana arc has a relatively mafic lower-
crustal composition (Figure 14). The longer history of the
frontal arc, which was subject to rifting during both the
Eocene and Miocene [Crawford et al., 1981], would have
allowed a longer period for crustal differentiation following
arc initiation, permitting the development of a less mafic
middle and lower crust. Such a process would reduce the
seismic velocities, but in the Mariana arc this process did
not produce a significant crustal thickness with velocities
less than 6.5 km s�1 that would be a clear characteristic of
continental crust. In contrast, Kodaira et al. [2007] has
identified four 20–40 km sections along the Izu arc to the
north where seismic velocities are similar to those of
continental crust. We speculate that the difference in crustal
composition between the Izu arc and Mariana frontal arc
may be related to differences in the magmatic supply, which
was ultimately terminated in the Mariana arc by Miocene
rifting that displaced the frontal arc from its position over
the rising mantle melts.

7. Petrologic Modeling

[53] Simplified modeling of arc growth provides a way to
estimate the relative proportions of the different petrologic
components of the crust. Following the approach of
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Takahashi et al. [2007], an initial crust can be considered to
form from the differentiation of a primary basaltic magma.
The differentiation of basaltic magma that later rises from
the mantle wedge creates additional cumulates plus melts
that rise through the original crust to solidify and form the
present-day upper crust. During this process the initial
hydrated crust, with the exception of the cumulates, partial-
ly melts to create a midcrustal region considered to be
tonalitic in composition, leaving a layer of restite [Tatsumi,
2000]. Using a cumulate fraction of 22% [e.g., Ghiorso and
Sack, 1995] and assuming a range of 25–35% partial
melting [Beard and Lofgren, 1991], Takahashi et al.
[2007] calculated the volumes of restite and cumulates that
form the petrologic lower crust of the Mariana arc from the
upper and middle crust defined seismologically by their 2-D
survey and showed that the volume of the petrologic lower
crust required to generate the middle crust is 1.3–1.9 times
the volume of the seismologically defined lower crust. From
this result they argue that the low sub-Moho velocities
beneath the arc represent ultramafic cumulates, that is,
petrologic lower crust, providing a possible explanation
for the velocity of 7.7 km s�1.
[54] The upper and middle crust vary significantly in

thickness along the strike of the Mariana arc, and the 3-D
velocity model we have derived should provide a more
reliable estimate of the volumes of the respective crustal
regions. We have calculated the volumes of sedimentary
rocks, upper crust, middle crust, shallow lower crust, and
deep lower crust from the 3-D velocity model between a
line 70 km west of shot line 10 and a line 70 km east of line
20/21 (Figure 2) using the following velocity ranges,
respectively: 1.51–2.9 km s�1, 2.9–6.0 km s�1, 6.0–
6.5 km s�1, 6.5–7.0 km s�1, and 7.0–7.4 km s�1; the total
volume of lower crust is obtained by summing the last two
regions (Table 1). To assess the reliability of these volume
estimates, we repeated this calculation twice using 3-D
tomographic velocity models derived with identical param-
eters from two alternative initial velocity models in which
the limiting upper mantle velocity, VM, was 7.8 km s�1 and
8.2 km s�1, resulting in a 0.1 km s�1 difference from the
preferred starting model at 6.35 km below sea level. The
RMS traveltime misfits of these two initial models, which
are 0.473 s and 0.512 s, respectively, contrast with the lower
value of 0.420 s of the preferred starting model. With the

exception of the deeper lower crust the crustal volume
estimates do not vary greatly with the choice of starting
model, indicating that most of the crust is well constrained
under the assumption of this type of initial model and small
along-strike variation in regions of limited or no ray
coverage. For example, in the upper crust at 5 km below sea
level, ray coverage is limited to the vicinity of the airgun lines
(Figure 9), but we assume that the smoothness constraints
imposed on the velocity model by the tomographic inversion
result in realistic values for the upper crustal velocities
between the airgun lines. However, the estimated volume of
lower crust with velocities of 7.0–7.4 km s�1 increases as the
mantle velocity of the initial model is lowered, demonstrating
that the volume of this deeper region is subject to a greater
degree of uncertainty, as noted previously.
[55] Since the middle crust thins along strike away from the

volcanic edifices, our estimate of the proportion of middle
crust is less (14%) than that derived from the 2-D seismic
survey (21%). Our calculated proportion of middle crust does
not vary significantly with the part of the arc selected; for
example, two different estimates made using 40-km-wide
regions centered on shot line 10 along the modern arc and
line 20/21 along the frontal arc are both 14%. Using these 3-D
volume estimates and the method of Takahashi et al. [2007],
we have calculated the volume of petrologic lower crust
required to produce the observed thickness of tonalitic middle
crust and find that the petrologic estimate is consistent with
the seismological estimate derived using the preferred and the
two bounding starting models (+28/�27%, Table 1). So the
seismicMoho could be at the base of the petrologic crust. This
3-D result contrasts with the 2-D seismic survey, which
indicated that a significant volume of petrologic lower crust
lies below the Moho. Although our best estimates of the
volumes of crust from the 3-D velocity model suggest that the
petrologic and seismological Moho may coincide, we next
show that the greater uncertainties associated with the com-
positional interpretation of velocities in the middle crust are
sufficient to leave open the possibility of a petrologic crust-
mantle boundary deeper than the Moho.
[56] If our low-velocity lower crust contains a significant

volume of rocks of intermediate composition, then the
volume of petrologic lower crust required to generate all
rocks of intermediate composition (middle crust and inter-
mediate portion of the ‘‘low-velocity lower crust’’) will

Table 1. Comparison of Seismologically Measured Lower-Crustal Volume With Petrologic Estimates

Layer Volumes,
per Unit Arc Length

Mariana 2-D
Survey,a km�2

Mariana 3-D
Survey,b km�2

Seismic Estimates
Sediments 1.5 < V < 2.9 km s�1 311 176 (�0/+0)
Upper crust 2.9 < V < 6.0 km s�1 588 646 (+9/�9)
Middle crust 6.0 < V < 6.5 km s�1 591 369 (�3/�3)
Lower crust 6.5 < V < 7.4 km s�1 1349 1376 (+210/�47)

Petrologic Calculation From Observed Upper and Middle Crust
Estimated restite 1098–1773 685 (�5/�5)–1106 (�8/�9)
Estimated cumulates 642–833 479 (+0/�5)–598 (�1/�6)
Estimated lower crust 1740–2606 1164 (�5/�10)–1704 (�9/�14)

Deviation From Seismologically Inferred Crust, %
Lower crust +29–+93 �15 (�12/+3)–+24 (�17/+4)

aFrom Takahashi et al. [2007].
bLimiting velocity is VM = 8.0 (�0.2/+0.2).
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exceed the lower-crustal volume derived from our 3-D
seismic survey. If rocks of intermediate composition make
up 25% of our low-velocity, lower-crustal layer, then a
result similar to that of Takahashi et al. [2007] is obtained.
Alternatively, changing our definition of ‘‘middle crust’’ to
include P wave velocities up to 6.6 km s�1 (instead of
6.5 km s�1, as we prefer), a velocity which corresponds to
the value for low-silica tonalites at this depth [Kitamura et
al., 2003], will increase the volume of the middle crust by
28% and also result in a mismatch of the seismological and
petrologic estimates of lower-crustal volume. These uncer-
tainties imply that petrologic modeling based on the seismic
velocities alone is insufficient to distinguish whether the
sub-Moho region in our 3-D model represents ultramafic
cumulates or whether the Moho and the crust-mantle
boundary coincide.
[57] Estimates of the volume of the middle crust from

modeling of both refractions and reflections can be signif-
icantly greater than those from first-arrival inversions be-
cause of the introduction of a laterally continuous interface
at the base of the middle crust to explain intracrustal
reflections [Suyehiro et al., 1996; Takahashi et al., 2007]
(e.g., Figure 10). Such reflections, however, are not widely
evident in the Mariana 3-D data set, and we suggest that the
intermediate middle crust that has been identified by others
as a precursor to continental crust may in reality be laterally
variable, even intermittent, and forms only a small propor-
tion of the total crust.

8. Rates of Arc Growth

[58] The 3-D wide-angle seismic survey of the Mariana
ocean island arc reveals significant variations in seismic
velocity and crustal thickness along strike that are impos-
sible to resolve with a single 2-D survey. Using an estimate
derived from the volume of the model with P wave
velocities less than 7.4 km s�1 (a proxy for the Moho) in
a 20-km-wide corridor along strike, the average crustal
thickness of the 3–4 Ma old active arc is 18 km. The crust
of the Eocene frontal arc is, on average, 21 km thick.
However, along strike the crust of the modern arc varies
in thickness between 13 km and 22 km, while the Eocene
arc varies between 18 km and 24 km. Although the older
part of the Mariana arc has a thicker crust, the relationship
between age and crustal thickness is clearly not linear. The
two episodes of arc rifting, which created the Palau-Kyushu
Ridge and West Mariana Ridge, separated substantial vol-
umes of crust from the present-day arc, making it difficult to
estimate a magma production rate over its approximately
45 Ma history. Assuming that the Palau-Kyushu Ridge has a
similar crustal volume to the 2057 km3 km�1 of the West
Mariana Ridge [Takahashi et al., 2007] and combining
these volumes with our estimate for the Mariana arc of
2566 km3 km�1, which is the sum of the crustal components
listed in Table 1, yields a magmatic production rate of
80 km3 km�1 Ma�1 if the original oceanic crust were 6 km
thick. This average rate is similar to the value of 82 km3

km�1 Ma�1 obtained for the Aleutian ocean arc [Holbrook
et al., 1999] and the range of 30–85 km3 km�1 Ma�1

estimated for several oceanic arcs in the western Pacific
[Dimalanta et al., 2002] but considerably greater than the
growth rate of Phanerozoic continental crust of 20–40 km3

km�1 Ma�1 [Reymer and Schubert, 1984]. Studies of tephra
from the Mariana arc suggest three periods of increased
volcanic activity at 35–24 Ma, 18–11 Ma, and 6–0 Ma that
may correlate with periods of more rapid arc growth [Lee et
al., 1995]. Consequently, the 18 km crustal thickness of the
<4 Ma old modern arc may be the result of an above-average
magmatic production rate. Under the assumption that a
40-km-wide east–west corridor centered on shot line 10 had
not been significantly affected by earlier arc magmatism, this
crustal production rate is estimated to be 116 km3 km�1Ma�1.

9. Crustal Tomography of Island Arcs

[59] Our 3-D tomographic inversion of first arrivals was
constrained to produce a smooth final velocity model that
represents the volumetric distribution of P wave velocity in
the subsurface. PmP arrivals are sometimes observed be-
neath the arc, but intracrustal reflections are less evident.
These observations are likely a result of both the variability
in the lateral continuity of the reflectors and the difficulty in
identifying reflections amongst a variety of other phases
such as first-arrival reverberations and refracted diffractions
associated with the complex seafloor topography. Our use
of the 3-D FAST tomography code [Zelt and Barton, 1998]
did not allow us to include wide-angle reflections in the
inversion. Wide-angle reflections have the potential to
constrain short-wavelength structures such as the Moho
more accurately than methods based on first arrivals alone
(e.g., Figure 10). Kodaira et al. [2007] demonstrated the
lack of continuity of several wide-angle reflectors recorded
by a 2-D survey of the northern Izu-Bonin arc by depth
migrating the traveltime picks. In a heterogeneous region
such as the Mariana arc the common algorithmic require-
ment that a reflecting interface be continuous across a 3-D
model may not be justified, and the best approach to
inclusion of 3-D wide-angle reflections may be in the form
of ‘‘floating reflectors.’’ In 2-D marine wide-angle surveys,
such as the JAMSTEC line, which often have receivers
deployed every 5–10 km, it is easier to identify PmP and
intracrustal reflections than in a more sparse 3-D survey.
However, inclusion of these data in a traveltime inversion
requires the 2-D assumption of in-plane reflection in addi-
tion to the key requirement of reflector continuity.
[60] In future 3-D surveys of oceanic arcs the offset of

shot and receiver lines from extreme topography such as the
volcanoes would permit the recording of a simpler seismic
wavefield with fewer shadow zones, less traveltime vari-
ability, and fewer interfering coherent arrivals (compare
Figure 3a with Figure 3c), while still allowing the recon-
struction of the volumetric seismic velocity variation under
the volcanic centers. The resulting easier identification of
secondary arrivals will then allow a more objective assess-
ment of the distribution of reflecting interfaces beneath the
arc. In addition, interpretation of the amplitude variation of
various crustal phases will be facilitated if the focusing and
defocusing effects of the seafloor topography are avoided,
or at least minimized.

10. Conclusions

[61] The 3-D subsurface P wave velocity distribution
along 220 km of the Mariana island arc has been obtained
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by tomographic inversion of first-arrival traveltimes from a
wide-angle seismic survey comprising orthogonal shot and
receiver lines. The thickest igneous crust, averaging 21 km,
is located beneath the remnant frontal arc that dates from the
Eocene. The modern arc averages 18 km in thickness with
the Moho deepest beneath the volcanoes of Anatahan,
Sarigan, and Alamagan. Although the middle crust, which
is defined by velocities of 6.0–6.5 km s�1, reaches a
thickness of 6 km along the older frontal arc, this region
has a thickness of only 3 km when averaged across the
modern and frontal arcs. Comparison of the inferred average
seismic velocity functions with velocity measurements on
samples of exhumed arc crust suggests the presence of
tonalitic rocks in the transition from upper to middle crust.
Seismic velocities in the middle crust and the immediately
underlying lower crust, which is characterized by velocities
between 6.5 km s�1 and 7.0 km s�1, are consistent with a
bulk composition similar to quartz gabbro that may be
explained by a mixture of gabbroic and more intermediate
intrusions. Consequently, at a depth of 15 km, velocities in
the lower crust are 280 m s�1 slower under the frontal arc
than under the modern arc. The greater thickness of the
middle and shallower lower crust beneath the frontal arc is
attributed to intracrustal differentiation that has occurred
since the Eocene. The increase of lower-crustal velocity
with depth is consistent with a gradual transition from a
quartz gabbro composition to pyroxene-hornblende gabbro.
Lower crust under the modern arc, the northern fore arc, and
perhaps the frontal arc south of the 3-D survey grid is
characterized by a greater thickness with velocities above
7.0 km s�1, consistent with limited intracrustal differentia-
tion. The growth of the modern arc at a rate which may be
as high as 116 km3 km�1 Ma�1 over the last 4 Ma indicates
a significant level of temporal variability in the arc’s
evolution.
[62] Although the 3-D seismic survey provides evidence

of a reduction in the mafic character of Mariana arc crust
over time, seismic velocities in the middle and lower crust
imply a primarily basaltic composition that differs from the
more andesitic sections of the northern Izu-Bonin arc.
Furthermore, the average seismic velocity structure of the
Mariana arc is generally similar to that of the Aleutian
oceanic arc above 25 km depth.
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